[1] The spatiotemporal structure of the lapse-rate tropopause is examined by using state-of-the-art Global Positioning System radio occultation measurements from the Constellation Observing System for Meteorology, Ionosphere and Climate (COSMIC) Formosa Satellite Mission 3 mission. The high temporal and spatial resolutions of the data reveal the detailed structure of tropopause properties such as pressure (p t ), temperature (T t ), and sharpness (N t 2 ) and their relationships to upper tropospheric and lower stratospheric processes. The overall results are generally in good agreement with previous studies. The climatology of all three tropopause properties shows largely homogeneous structure in the zonal direction: noticeable asymmetries are found only in the tropics and the Northern Hemisphere extratropics during boreal winter owing to localized tropospheric processes. This contrasts with the seasonal cycles of tropopause properties which are significantly influenced by stratospheric processes such as the Brewer-Dobson circulation, the polar vortex, and the radiative processes near the tropopause. On intraseasonal time scales, p t and T t exhibit significant variability over the Asian summer monsoon and the subtropics where double tropopauses frequently occur. In contrast, N t 2 shows maximum variability in the tropics where p t and T t have minimum variability, possibly a consequence of vertically propagating waves. The tropopause properties derived from COSMIC observations are further applied to evaluate tropopause data directly available from the NCEP-NCAR Reanalysis (NNR). Although the NNR tropopause data have been widely used in climate studies, they are found to have significant and systematic biases, especially in the subtropics. This suggests that the NNR tropopause data should be treated with great caution in any quantitative studies.
Introduction
[2] The tropopause has often been examined to better understand stratosphere-troposphere exchange and coupling. Its properties are known to characterize the cross-tropopause transport of moisture and chemical constituents. For instance, the amount of moisture transported from the tropical troposphere into the stratosphere is primarily controlled by the cold-point temperature in the deep tropics [Mote et al., 1996] (more recently, Fueglistaler et al. [2009] ). The exchange of chemical tracers across the extratropical tropopause is also known to be sensitive to the temperature and stratification at the tropopause [Holton et al., 1995; Butchart and Scaife, 2001; Kunz et al., 2009] . Since small changes in tracer distributions in the upper troposphere and lower stratosphere (UTLS) could drive significant changes in the troposphere by modifying the radiative budget, a precise understanding of tropopause properties is therefore important.
[3] The tropopause has recently received much attention because of its promise as an indicator of climate change. Santer et al. [2003a] and Son et al. [2009] have shown that long-term change of the global tropopause is a useful "fingerprint" of global climate change. Due to anthropogenic warming and stratospheric ozone depletion, global tropopause pressure (height) has been decreasing (increasing) during the last four decades. It is also known that the long-term trend of extratropical tropopause pressure is linked to changes in the tropospheric circulation, in particular the Hadley cell [e.g., Lu et al., 2007] and the westerly jet [e.g., Lorenz and DeWeaver, 2007] . Both observations and climate model simulations have shown that the recent decrease in extratropical tropopause pressure is associated with a poleward expansion of the Hadley cell and a poleward displacement of the westerly jet in both hemispheres. Seidel and Randel [2007] have further demonstrated that the location of the subtropical tropopause, more specifically the location of peak double tropopause frequency in the subtropics, is a useful measure of the poleward extent of the tropical belt. These studies suggest that a quantitative characterization of the global tropopause is important in improving our understanding not only of physical processes in the UTLS, but also of the large-scale circulation in the troposphere and its long-term change.
[4] The spatiotemporal structure of the global tropopause has previously been examined with radiosonde data. It is well known that tropopause height reaches its highest altitude in the tropics, drops sharply across the subtropical jet, and settles to lower altitudes in the extratropics. Previous studies, however, have focused mostly on the zonal mean tropopause or the tropopause over limited regions [e.g., Reid and Gage, 1996; Seidel et al., 2001] . The latitude-longitude structure of the global tropopause and its variability have rarely been examined, because of the limited spatial coverage of radiosonde observations. Although Seidel et al. [2001] attempted a spatial characterization of the tropical tropopause, only a crude picture emerges due to sparse data and heavy interpolation.
[5] As an alternative data source, reanalysis products have been widely used [Hoerling et al., 1991; Hoinka, 1998 Hoinka, , 1999 Highwood et al., 2000; Zängl and Hoinka, 2001] . The quality of the data, however, has been questionable. For example, Santer et al. [2003b] have shown that the climatology and temporal evolution of the zonal mean tropopause properties derived from the two major reanalysis data sets, the European Centre for Medium-Range Weather Forecasts (ECMWF) 40 Year Re-analysis (ERA-40) and the National Centers for Environmental Protection-National Center for Atmospheric Research (NCEP-NCAR) Reanalysis (NNR), have considerable differences even in the postsatellite era. In addition, coarse vertical resolution of reanalysis data makes them ill suited for analyzing the sharpness of the tropopause .
[6] A significant advance has recently come from the Global Positioning System (GPS) radio occultation (RO) observations. The GPS RO systems provide remarkably accurate temperature measurements in the UTLS with typical error of less than 1 K [e.g., He et al., 2009] , with the capability of global coverage. The first such system was the GPS Meteorology (GPS/MET) mission, which took place between 1995 and 1997. Its measurements, however, were reliable only at altitudes higher than 10 km, making it suitable for studying only the tropical tropopause [Randel et al., 2003] . Observations of the global tropopause became possible later with the Challenging Minisatellite Payload (CHAMP) and Satélite de Aplicaciones Científicas-C (SAC-C) missions, which were launched in 2000. Kishore et al. [2006] have shown that the 1 year tropopause climatologies from these two missions are essentially the same. Using multiyear CHAMP and SAC-C data, Schmidt et al. [2005] have analyzed the climatology and subseasonal variability of global tropopause properties. Randel et al. [2007a] and Grise et al. [2010] have also used CHAMP data to characterize tropopause sharpness. These studies have revealed tropopause structure in regions that were previously accessible only via reanalysis data.
[7] While the CHAMP and SAC-C missions have substantially improved our understanding of the tropopause, their spatial coverage is still relatively coarse, as they rely on a single low-orbiting satellite for receiving GPS radio signals. Much-improved spatial coverage has very recently become available from the Constellation Observing System for Meteorology, Ionosphere and Climate (COSMIC) Formosa Satellite Mission 3 mission [Anthes et al., 2008] . This mission was launched in 2006 jointly by the National Aeronautics and Space Administration and Taiwan's National Space Organization. The occultation system uses six low-orbiting satellites, providing spatial coverage of about 2000 soundings per day, evenly spread over the globe. This is about an order of magnitude higher spatial coverage than the CHAMP and SAC-C missions.
[8] The primary goal of this study is to examine the spatiotemporal structure of the global tropopause using high-resolution COSMIC data. By extending and updating earlier studies, especially those based on the previous GPS RO missions, we provide a more comprehensive view of the global tropopause. As in previous studies, we focus on three tropopause properties: lapse-rate tropopause pressure (p t ), temperature (T t ) and sharpness (N t 2 ). The climatology, seasonal cycle and intraseasonal variability of these properties are extensively examined, and possible physical processes responsible for their morphology are discussed.
[9] The results are then applied to evaluate the quality of the NNR tropopause data. Although it is known that the thermal tropopause properties calculated from analysis data are reasonably accurate [e.g., Schmidt et al., 2005] , the quality of p t and T t data directly available from NNR has been questionable. Birner [2010a] , for instance, showed that daily p t data from NNR may have a serious bias in the subtropics because of the inaccurate tropopause definition and detection algorithm used in NNR. In this study, the bias of NNR tropopause data is quantitatively evaluated by using COSMIC observations.
[10] This paper is organized as follows. Section 2 describes data sources and analysis methods. Definition of each tropopause property is also provided. In section 3, we present the climatology of the three tropopause properties, followed by their seasonal cycle and intraseasonal variability. In section 4 the overall results are compared with NNR tropopause data. Section 5 provides a summary and conclusion.
Data and Methods

Data
[11] The primary data sets used in this study are the temperature profiles derived from the COSMIC mission [Anthes et al., 2008] . Dry temperature profiles, archived at the COSMIC Data Access and Archival Center, are analyzed for the time period spanning September 2006 to August 2009 (3 years).
[12] Individual temperature profiles, which have variable vertical resolution, are linearly interpolated to a standard 200 m vertical grid in accordance with the approximate physical resolution of GPS RO measurements [Kursinski et al., 2000; Schmidt et al., 2005] . Tropopause properties are computed from this interpolated data, and then sorted into 5°latitude by 5°longitude bins to generate spatial maps. No interpolation is applied. In Figure 1 , the total number of available soundings in each grid box is shown for DecemberJanuary-February (DJF) and June-July-August (JJA). Although the spatial coverage is relatively coarse in the deep tropics and the polar regions, it is largely homogeneous and reasonably dense in the midlatitudes between 20°and 70°( about 0.8 soundings per day per grid box).
[13] For comparison, tropopause data from radiosondes are also examined. They are obtained from the Integrated Global Radiosonde Archive [Durre et al., 2006] for the same time period as COSMIC observations. Following Seidel and Randel [2006] , both 00:00 UTC and 12:00 UTC data are used for the stations which have homogeneous observations in time. In order to examine the possible physical processes influencing tropopause properties, NNR [Kalnay et al., 1996] and National Oceanic and Atmospheric Administration Outgoing Longwave Radiation (OLR) data [Liebmann and Smith, 1996] are also analyzed for the same time period as COSMIC data. For these fields, monthly mean data are used. However, comparison of NNR tropopause data with COSMIC observations is performed with twice-daily data.
Tropopause Properties
[14] In this study, we use the thermal definition of the tropopause, often referred to as the "lapse-rate" tropopause. Although the cold-point tropopause has also been widely used, it is not considered here as it is physically meaningful only in the tropics. The characteristics of the tropical cold-point tropopause will be reported in a separate paper. Following the World Meteorological Organization (WMO) [1957] , the tropopause is defined as "the lowest level at which the lapse-rate decreases to 2°C/km or less, provided that the average lapserate between this level and all higher levels within 2 km does not exceed 2°C/km." It is detected using the algorithm employed by Schmidt et al. [2005] except for a minimum tropopause height. The bottommost level is set to 5 km at the pole and is increased to 10 km at the equator according to the relation 7.5 + 2.5 cos(2'), where ' is the latitude. This empirical constraint is applied to avoid noise caused by water vapor in the lower troposphere [Anthes et al., 2008] .
[15] While tropopause pressure (p t ) and temperature (T t ) are directly determined, the sharpness of the tropopause (N t 2 ) requires an additional computation. In this study, N t 2 is defined by the static stability change across the tropopause:
where N 2 , g, and g are the dry static stability, the temperature lapse rate, and the gravitational acceleration, respectively. Subscripts UT and LS denote the upper troposphere (UT) averaged from 0 to 1 km below the tropopause and the lower stratosphere (LS) averaged from 0 to 1 km above the tropopause, respectively. This metric is similar to the one used by Schmidt et al. [2005] which is based on the temperature lapse-rate difference across the tropopause. Note also that N LS 2 represents the strength of the temperature inversion above the tropopause, the so-called tropopause inversion layer (TIL), which has been often used to characterize tropopause sharpness [Birner et al., 2002; Birner, 2006; Grise et al., 2010] .
Results
[16] We start with a very brief review of tropopause theories, for a better understanding of the results presented below. The formation and maintenance mechanisms of p t and T t are relatively well understood. The climatological p t and T t in the tropics are, to a first order, determined by radiative and convective processes [Manabe and Strickler, 1964; Held, 1982] . In the extratropics, baroclinic eddies largely set the climatological p t and T t [Held, 1982; Lindzen, 1993; Schneider, 2004] . Both the tropical and extratropical tropopause properties are also modified by stratospheric processes such as the BrewerDobson circulation and the polar vortices [Gabriel et al., 1999; Kirk-Davidoff and Lindzen, 2000; Thuburn and Craig, 2000; Birner, 2010b] . It is also known that short-term variability of p t and T t is primarily controlled by organized deep convection and equatorial waves in the tropics [Randel et al., 2003; Ryu et al., 2008] and baroclinic eddies in the extratropics [Zängl and Wirth, 2002; .
[17] The sharpness of the tropopause, N t 2 , is a relatively new subject. It has been often examined in the context of the TIL, whose strength (N LS 2 ) is qualitatively similar to N t 2 in both space and time. Observational studies have shown that TIL is sharp in the tropics year-round [Grise et al., 2010] and in the extratropics during the summer [Birner, 2006; Randel et al., 2007a; Grise et al., 2010] . Different theories have been proposed for the formation of the extratropical TIL. Using potential vorticity inversion, Wirth [2003] has attributed the midlatitude TIL to synoptic-scale weather systems. He has shown that a sharp temperature inversion forms right above the tropopause at the center of anticyclonic vortices, resulting in strong N LS 2 . Although cyclonic vortices do not produce strong N LS 2 , the composite of anticyclonic and cyclonic vortices still shows a distinct N LS 2 due to significantly strong N LS 2 in association with anticyclonic vortices. This argument has subsequently been confirmed by Son and Polvani [2007] from simple general circulation model integrations, and by Randel et al. [2007a] from observations. Birner [2010b] proposed that the midlatitude TIL is also affected by the stratospheric circulation. He showed that adiabatic warming in the descending branch of the Brewer-Dobson circulation could enhance the temperature inversion in the LS, strengthening N LS 2 in the midlatitudes. In addition to dynamical considerations, Randel et al. [2007a] , Kunz et al. [2009] , and Randel and Wu [2010] have proposed that strong N t 2 in the summer hemisphere high latitudes could result from radiative processes in the UTLS. Observations show a substantial amount of water vapor near the polar tropopause in the summer hemisphere [e.g., Randel and Wu, 2010] . The resulting radiative cooling at the tropopause level can generate a sharp temperature inversion layer in the LS (high N LS 2 ). This radiative process has recently been confirmed by climate model simulations [Birner, 2010b] .
[18] With the above theoretical background in hand, we next examine the spatiotemporal structure of the global tropopause. The climatology, seasonal cycle and intraseasonal variability of three tropopause properties (p t , T t , and N t 2 ) are described in detail.
Climatology
[19] The climatology of each tropopause property is presented in Figures 2a-2c . In general, the overall structure is qualitatively similar to the one obtained from CHAMP [e.g., Schmidt et al., 2005; Grise et al., 2010] and reanalysis data [e.g., Hoerling et al., 1991; Hoinka, 1998 Hoinka, , 1999 . To ensure the capability of COSMIC observations in tropopause detection, p t and T t shown in Figures 2a and 2b are quantitatively compared with radiosonde observations. The climatological differences in p t and T t between COSMIC and radiosonde observations are illustrated in Figure 3 . They are computed by simply subtracting climatological p t and T t of radiosonde observations from those of COSMIC measurements at the nearest grid point. In other words, pointwise radiosonde observations are compared with area-integrated (5°× 5°) COSMIC observations. It is found that the difference is reasonably small in most areas, typically less than a few percent of the climatological value. The seasonal mean and intraseasonal variability also exhibit reasonably small and unorganized differences (not shown). Nonnegligible biases are, however, found around at 30-40°in both hemispheres. These regions largely coincide with the regions where tropopause properties change abruptly with latitude (see Figures 2a-2c ), suggesting that higher spatial resolution is needed there. Although significant differences are also found near the South Pole, these are likely caused by sampling error. As shown in Figure 1 , only a limited number of soundings are available at the pole.
[20] Returning to Figure 2 , it can be seen that the climatological p t reaches its minimum (∼80 hPa) over the equator and stays homogeneous in latitude within ∼20°of the equator. It sharply increases around 35°, settling to values of ∼250-300 hPa in the extratropics. A qualitatively similar structure is also evident in T t (Figure 2b) . In contrast to p t and T t , N t 2 shows a very different structure (Figure 2c ): although it is inversely correlated with T t in the tropics (i.e., cooling at the tropopause level would increase g UT but decrease g LS , resulting in stronger N t 2 (equation (1)), there is essentially no correlation in the extratropics. This result suggests that extratropical N t 2 may be driven by mechanisms different from those maintaining p t and T t . We discuss this in section 3.2.
[21] The latitudinal distribution of tropopause properties exhibits an abrupt transition across the subtropical jet (see the subtropical wind speed maxima in Figure 2d ). This can be attributed to the occurrence of a double tropopause in this region. Randel et al. [2007b] , among others, have shown that in the subtropics a double tropopause is often present, i.e., a high (or tropical) tropopause height aligned with the top of the subtropical jet and a low (or extratropical) tropopause height aligned with its bottom. The tropical tropopause is often detectable up to 40-50°, whereas the extratropical tropopause starts to appear around 30°. As described in section 2.2, the WMO [1957] definition of the tropopause captures only the first, or lowest, tropopause. Hence, p t changes abruptly at the lowest latitude where the extratropical tropopause appears.
[22] The subtropical transition however occurs at different latitudes for each tropopause property. For instance, the maximum T t gradient is found about 5-10°equatorward of the maximum p t gradient (compare Figures 2a and 2b) . This difference results from the temperature distribution in the UTLS. Figure 4a illustrates the zonal mean temperature and its latitudinal gradient from the COSMIC observations. The maximum temperature gradient is found on the poleward side of the tropical cold point at ∼35°. This is the latitude where the maximum p t gradient is also found (Figure 4b ). Along the tropopause, however, the temperature gradient rapidly decreases as p t increases with latitude. Thus, the maximum T t gradient is slightly equatorward of the maximum p t gradient (Figure 4b ). Unlike p t and T t , N t 2 shows a transition at a much lower latitude with minimum N t 2 at 25-40°in both hemispheres (Figure 2c ). These subtropical minima are collocated with the subtropical jet [see also Grise et al., 2010] , and likely caused by the fact that the tropopause is not well defined in this region and temperature keeps decreasing with height across the tropopause (e.g., Figure 4a ).
[23] Figures 2a-2c also show that the latitudinal distribution of tropopause properties is not symmetric about the equator. In fact, a strong hemispheric difference is present in the extratropics. Unlike in the Northern Hemisphere (NH), Figure 2 . Annual mean (a) tropopause pressure p t , (b) temperature T t , and (c) sharpness N t 2 derived from COSMIC observations. The shading interval is 8.3 hPa for p t , 1.2 K for T t , and 0.09 × 10 −4 s −2 for N t 2 . Background flow derived from NNR data is also shown: (d) 300 hPa zonal wind (contours, with 25 m s −1 contour thick) and standard deviation of 300 hPa meridional wind (shaded only for local maxima) and (e) 500 hPa geopotential height deviated from the zonal mean (contours) and NOAA OLR (shaded only for local minima). all tropopause properties in the Southern Hemisphere (SH) decrease from the midlatitudes (∼45°S) to the South Pole. As discussed by Zängl and Hoinka [2001] , this is largely caused by the stratospheric polar vortex which is colder in the SH than in the NH.
[24] Next we consider the longitudinal structure of tropopause properties. Figures 2a-2c show that all three tropopause properties are largely symmetric in the zonal direction. A considerable asymmetry is found only in the deep tropics and in the NH extratropics. In the tropics, all tropopause properties show extrema in three regions. These regions largely coincide with the regions of strong convection (shading in Figure 2e ), and suggest that the spatial distribution of the tropical tropopause is significantly influenced by localized deep convection and related UTLS processes [Highwood and Hoskins, 1998; Seidel et al., 2001] . In the NH extratropics, p t exhibits maxima around 70°W and 150°E. These two local maxima reflect an influence of stationary waves (Figure 2e) . For instance the maximum p t over northeastern Canada and western Greenland is collocated with a negative geopotential height anomaly at 500 hPa.
[25] It is noteworthy that while the spatial distribution of T t is qualitatively similar to that of p t in the NH, the regions of maximum T t are more zonally elongated over the northeastern Pacific and North Atlantic. This elongation is partly due to the storm tracks. have shown that transient eddies tend to increase T t on the poleward side of the storm track. Consistent with their findings, the regions of maximum T t are located on the poleward side of the storm tracks (shading in Figure 2d ). No storm track signal is, however, found in the annual mean NH N t 2 (Figure 2c ). This does not imply that N t 2 is insensitive to storm track eddies: in fact, it simply results from the strong cancellation between warm and cold seasons, as shown in section 3.2.
Seasonal Cycle
[26] Figure 5 presents the seasonal mean tropopause properties during DJF and JJA. They are again quite similar to the ones derived from the coarser resolution GPS RO observations [e.g., Schmidt et al., 2005] but show much richer structure. Since p t and T t share qualitatively similar features, we first discuss them. The characteristics of N t 2 are then discussed separately.
[27] The tropical p t and T t exhibit a relatively weak seasonality (Figures 5a, 5b, 5d , and 5e). Maximum differences between DJF and JJA are only about 10 hPa in p t and 10 K in T t , much smaller than those in the extratropics. But the tropics still show a clear seasonal contrast: the nonzonal feature in the boreal winter disappears in the summer. This indicates that the longitudinal structure evident in the climatological tropopause properties (Figures 2a and 2b) is mostly due to boreal winter conditions. Convection alone does not appear to account for this behavior. Climatological OLR exhibits localized maxima over Africa, Southeast Asia and Central America year round, but the tropopause properties show little sensitivity to this in JJA. Even in DJF, the locations of deep convection and the minima of T t and p t do not match exactly: the p t and T t minima are located at the equator although OLR minima are located around 10°S. This suggests that the tropical tropopause is not solely controlled by localized deep convection. Other processes, such as convectively driven waves, may also play a role in setting the tropical tropopause [Highwood and Hoskins, 1998 ].
[28] In the extratropics, tropopause properties show a significant zonal asymmetry in NH DJF. This nonzonal structure is largely due to the stationary waves and storm track activity (Figures 5a-5c ), and essentially disappears during JJA (Figures 5d-5f ). This again indicates that the longitudinal structure of the climatological tropopause properties, shown in Figures 2a and 2b , results largely from boreal winter conditions. From this, one may expect that the seasonal cycle of the extratropical tropopause is primarily controlled by stationary waves and the storm tracks. While this is partly true in the midlatitudes, it appears not to be the case in the high latitudes. For instance, the high-latitude T t is lower than the midlatitude T t in cold seasons in both hemispheres. Furthermore, the high-latitude tropopause in the SH, where stationary waves and storm tracks are relatively weak, has a stronger seasonality than in the NH. This strong seasonality in the high latitudes is instead associated with the stratospheric polar vortex. Zängl and Hoinka [2001] showed that extremely cold air extending downward from the stratosphere can cause p t and T t to decrease in the polar regions in cold seasons. The colder T t in the SH than in the NH high latitudes also simply results from the greater strength and stability of the Antarctic polar vortex compared to the Arctic vortex. This suggests that the seasonal cycle of the extratropical tropopause is more sensitive to stratospheric processes than tropospheric processes.
[29] Figures 5c-5f present the N t 2 distribution during DJF and JJA. N t 2 undergoes a strong seasonal cycle (compare Figures 2c, 5c , and 5f). Although not shown, overall spatial structure of N t 2 is remarkably similar to N LS 2 distribution [see Grise et al., 2010, Figure 6] , suggesting that N t 2 is dominated by N LS 2 . It is again found that, while the spatial structure and seasonality of N t 2 are negatively correlated with those of T t in the tropics (compare Figures 5a and 5e with Figures 5c and 5f), they are not well matched in the extratropics. For instance, subtropical maxima in T t , especially those over the Tibetan plateau during JJA, are absent in N t 2 . Maximum N t 2 is simply observed in the storm track regions where synoptic-scale weather systems are active. This result suggests that midlatitude N t 2 is strongly constrained by baroclinic eddies, supporting the hypothesis that midlatitude TIL is primarily driven by tropospheric dynamics [Wirth, 2003] although other processes [e.g., Birner, 2010b; Randel and Wu, 2010] might still contribute.
[30] It is evident from Figures 5c and 5f that the seasonal cycle of extratropical N t 2 is not solely controlled by storm track eddies. In fact, as with p t and T t , N t 2 shows the strongest seasonality in the high latitudes. In both hemispheres, the polar summer (winter) exhibits maximum (minimum) N t 2 (Figures 5c and 5f) . Randel et al. [2007a] , Kunz et al. [2009] and Randel and Wu [2010] have related these summertime maxima in high-latitude N t 2 to the water vapor concentration in the UTLS. Water vapor concentrations near the polar tropopause reach their maximum during the summer because of warmer tropospheric temperatures. This increased water vapor causes radiative cooling near the tropopause, generating a strong temperature inversion layer right above the tropopause. Randel and Wu [2010] further argued that this radiative process can also explain the hemispheric difference in high-latitude N t 2 : the Arctic N t 2 is higher than the Antarctic N t 2 during the summer (compare Figures 5c and 5f ) as water vapor concentrations near the tropopause are higher in the Arctic than in the Antarctic.
[31] Since tropopause properties are, to a first order, uniform in the zonal direction (except in the deep tropics and NH extratropics during DJF), it is informative to look at the seasonal evolution of the zonal mean tropopause properties (Figures 6a-6c ). In the tropics both p t and T t show minimum values in the boreal winter. They gradually increase until August then decrease (Figures 6a and 6b) . This is consistent with the seasonality of tropical upwelling driven by the Brewer-Dobson circulation [e.g., Yulaeva et al., 1994; Randel et al., 2002] . Previous studies have shown that strong Figure 6 . Monthly evolution of (a-c) zonal mean tropopause properties and (d-f) zonal mean temperature at 70, 150, and 500 hPa.
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upwelling during the boreal winter tends to push the tropopause height upward, lowering both p t and T t [Reid and Gage, 1996; Highwood and Hoskins, 1998; Randel et al., 2000] . This suggests that, while the longitudinal structure of the tropical tropopause properties is largely controlled by localized deep convection and the related UTLS processes, the zonal mean properties and their seasonal cycles are primarily determined by stratospheric processes as proposed by Highwood and Hoskins [1998] and Seidel et al. [2001] .
[32] In the extratropics, tropopause properties generally reach their maxima in the warm season and minima in the cold season. One exception is p t in the Arctic, which shows a primary maximum in April and a secondary maximum in October (Figure 6a ). This is not an artifact of sampling errors, as similar results are also found in radiosonde [Highwood et al., 2000] and reanalysis data [Zängl and Hoinka, 2001] . Although not fully understood, this behavior shows partial correspondence to the Brewer-Dobson circulation. It is well known that high-latitude downwelling reaches its maximum intensity in March-April, a few months later than the maximum upwelling in the deep tropics [e.g., Appenzeller et al., 1996; Randel et al., 2002] . As discussed in the work of Highwood et al. [2000] , this likely pushes the polar tropopause height downward, increasing p t . It however remains unclear why Arctic p t behaves so differently from T t (compare Figures 6a and 6b) , and what causes the secondary maximum of p t in October. Although there is no reason to expect a linear relationship between p t and T t , this puzzling relationship between Arctic p t and T t , which does not occur in the Antarctic, deserves further analysis.
[33] The seasonal cycle of N t 2 is qualitatively similar to that of T t except in subtropical minima (Figures 6b and 6c ). However they are not exactly matched. In particular, the maximum N t 2 in the polar regions is delayed by about a month compared to the maximum T t . In the Arctic, the maximum N t 2 is found in July-August, whereas maximum T t occurs in JuneJuly. Similarly in the Antarctic, maximum N t 2 is observed in February-March, about a month after the T t maximum. This delay has again a closer correspondence to water vapor concentrations as shown by Randel and Wu [2010, Figures 9a and 13a] .
[34] In order to identify the relative importance of UT and LS processes in the seasonal march of the zonal mean tropopause properties, the seasonal cycle of T t (Figure 6b ) is further compared with that of temperature at three pressure levels: 70, 150 and 500 hPa (Figures 6d-6f ). These three levels are chosen to represent temperature in the tropical LS, the tropical UT and extratropical LS, and the extratropical UT, respectively. In the tropics, the seasonal cycle of T t closely resembles that of LS temperature (compare Figures 6b  and 6d) . Even in the extratropics, T t evolves in accordance with LS temperature although tropospheric processes are nonnegligible in the NH midlatitudes (e.g., maximum T t in July-August around 45°N) and in the polar regions (e.g., minimum T t in August at the South Pole). This, once more, suggests that the seasonal cycle of the global tropopause is strongly influenced by stratospheric processes.
Intraseasonal Variability
[35] The intraseasonal variability of each tropopause property is defined by means of the standard deviation, s.
Submonthly anomalies are first defined by subtracting instantaneous tropopause properties from their monthly mean value in a given month; they are then squared and averaged for each month. The resulting variance is square-rooted to obtain s. This approach, which differs from conventional method based on daily climatology, is introduced here because COSMIC GPS radio occultations typically occur less than once a day within each grid box (see Figure 1) . In many grid boxes in the tropics and high latitudes, occultations occur only once or never in each calendar day for 3 years. This leaves many missing data and makes daily climatology impossible to be defined. To test the robustness of s, a similar analysis is also performed by defining anomalies with respect to the seasonal mean value. The results are found to be qualitatively similar to the ones presented in this section (not shown).
[36] Figure 7 shows intraseasonal variabilities of all three tropopause properties for the two seasons. While s(p t ) and s(T t ) have qualitatively similar structures,s(N t 2 ) again stands apart. Given this contrast, we first discuss s(p t ) and s(T t ). In the tropics, both s(p t ) and s(T t ) exhibit small amplitude and strong homogeneity (Figures 7a, 7b, 7d , and 7e). Although a weak hint of a local maximum is observed in s(T t ) over the western Pacific (Figure 7b ), localized s(T t ) is generally not found over the three regions of strong convection (Figure 2e ). This result suggests, surprisingly, that the short-term variability of the tropical tropopause is not directly linked to deep convection. This contrasts with the climatological tropical tropopause, which is largely controlled by deep convection and the related UTLS processes.
[37] In the extratropics, s(p t ) and s(T t ) are relatively strong. The maximum variability is found primarily in the subtropics year-round and over the Tibetan plateau during JJA. Although localized maxima are also found over the storm track regions, they are relatively weaker than the ones in the subtropics. The subtropical maxima largely result from the frequent occurrence of double tropopauses in these regions. Figure 8a presents the probability density function (pdf) of p t during DJF over subtropical Asia, covering 25°N ≤ ≤ 35°N and 60°E ≤ l ≤ 120°E. The pdf shows a distinct bimodal distribution with one peak around 100 hPa, tropical p t values, and the other peak around 250 hPa, extratropical p t values (see Figure 8d for individual temperature profiles). Together with s(p t ) shown in Figure 7 , this depicts a tropopause that is switching between tropical and extratropical values on intraseasonal time scales. During JJA, extremely high values of s(p t ) and s(T t ) are also observed over the Tibetan plateau. The pdf of p t and instantaneous temperature profiles are displayed in Figures 8b and 8e . As in Figure 8a , a bimodality of p t is evident, but, in contrast, the secondary peak is not well defined. Instead, there is a relatively high occurrence of tropopauses around 300-350 hPa that serve to flatten the overall p t distribution (Figure 8b) . The lack of a secondary peak is associated with temperature inversion layers around 350 hPa (Figure 8e ). Although detailed analyses are needed, these inversion layers are likely caused by elevated heating as well as monsoon convection over the Tibetan plateau.
[38] Figures 7a and 7d also show that s(p t ) is high over the winter pole, especially in the SH. This is not likely caused by the polar vortex as the vortex is very stable in the SH. As discussed by Highwood et al. [2000] and Zängl and Hoinka [2001] , this is likely caused by the fact that the polar tropopause is not well defined during the cold seasons. Figures 8c and 8f present the pdf of p t and individual temperature profiles over 70°S poleward during the austral winter. Many profiles have no temperature inversion: temperatures keep decreasing with height well into the stratosphere.
[39] Unlike s(p t ) and s(T t ), the latitude-longitude structure of s(N t 2 ) is somewhat similar to that of the climatological N t 2 (compare Figures 7c and 7f with Figures 5c and 5f ). In other words, s(N t 2 ) is strong in the tropics and storm track regions but negligible in the subtropics. A notable exception is found in the summer hemisphere high latitudes: s(N t 2 ) shows negligible values where the climatological N t 2 is maximum. Since the short-term variability associated with radiative processes is typically weaker than the one with dynamical processes in the LS, this result supports the hypothesis of a radiative (rather than dynamical) formation of the TIL in the high latitudes [Randel et al., 2007a; Kunz et al., 2009; Randel and Wu, 2010] . It is also noteworthy that s(N t 2 ) is maximum in the tropics where s(T t ) is minimum. A preliminary analysis has revealed that this is at least in part caused by equatorial waves which propagate vertically Ryu et al., 2008] . , for example, showed that temperature in the tropical UTLS is significantly modulated by convectively driven waves, particularly those associated with the Madden-Julian Oscillation on intraseasonal time scales. Details of this will be presented in a separate paper.
[40] Finally, the seasonal cycle of intraseasonal variability is examined with zonal mean s(p t ), s(T t ) , and s(N t 2 ) in Figure 9 . Consistent with Figure 7 , both s(p t ) and s(T t ) exhibit weak seasonality in the deep tropics. In the extratropics, both s(p t ) and s(T t ) show strong intraseasonal variability around the subtropical jet, where double tropopauses frequently occur. Strong variability is also evident in the SH high latitudes in July when the tropopause is not well defined. However, the intraseasonal variability associated with extratropical storm tracks does not stand out in the zonal mean fields. This result contrasts s(N t 2 ) which shows strong seasonality in the midlatitudes only. Although s(N t 2 ) shows maximum values in the tropics, its seasonal cycle is relatively weak. This suggests that extra- (Figures 8a and 8d) , Tibetan plateau over 34°N-44°N and 72°E-100°E during boreal summer (Figures 8b and 8e) , and Antarctica over 70°S-90°S during austral winter (Figures 8c and 8f ). For clarity, temperature profiles include only a subset of soundings, as indicated in each plot. tropical storm tracks effectively modulate the vertical temperature gradient near the tropopause.
[41] From Figures 7 and 9, it might be concluded that the polar tropopause is relatively stable on intraseasonal time scales, especially in the Arctic. This is, however, not true during the boreal winter. As shown in the work of Zängl and Hoinka [2001] and Grise et al. [2010] , Arctic tropopause properties can abruptly change as the stratospheric polar vortex suddenly breaks down. Such events, which are often referred to as sudden stratospheric warming (SSW) events, occurred once in the analysis period. Figure 10a shows time series of polar cap temperature at 50 hPa averaged over 60°N to the North Pole. In January 2009, polar cap temperature increases sharply by about 20 K in 10 days [see also Martineau and Son, 2010, Figure 3] . This temperature change is much larger than any short-term temperature changes observed during 2007 and 2008 boreal winters.
[42] The impact of the 2009 SSW event on Arctic tropopause properties is illustrated in Figures 10b-10d . Both p t and T t abruptly increase (e.g., about 7 K warming of T t and 60 hPa increase of p t in 10 days) and maintain their values for over a month (see thick black lines). Although the response of N t 2 is somewhat noisy, it also shows an increase with a time lag. This result suggests that SSW events can effectively modulate Arctic tropopause properties, confirming previous studies [Zängl and Hoinka, 2001; Grise et al., 2010] . Given this evidence, it is puzzling why Figures 7 and 9 do not show strong s(p t ) and s(T t ) in the NH high latitudes during the boreal winter. This can be explained by the infrequent occurrence of SSW events, i.e., only one event in the analysis period.
Evaluation of NNR Tropopause Data
[43] As described in section 1, tropopause properties have been widely used in climate studies. Such studies have primarily relied on reanalysis data because of their global coverage over a long-term period. Among reanalysis data sets, NNR data have been particularly popular as p t and T t are directly available. The quality of NNR tropopause data, however, has rarely been evaluated using high-resolution observations. Although a couple of studies have examined tropical tropopause properties of NNR data [e.g., Randel et al., 2000] , quantitative evaluation of NNR tropopause data over the whole globe has not been conducted. In order to provide helpful guidance or possibly a cautionary note on NNR tropopause data, this section briefly evaluates NNR tropopause data by comparing them with COSMIC observations.
[44] Figures 11a and 11c present the differences of seasonal mean p t between COSMIC and NNR data. These are generated by simply subtracting seasonal mean values. Significant biases, up to ∼60 hPa, are found in the subtropics and high latitudes with a maximum negative bias over the Tibetan plateau during JJA. Although not shown, similar results are also found in T t where the bias ranges from −20 to 20 K. These biases are much larger than those reported in the literature. For instance, by comparing the tropopause properties derived from CHAMP and SAC-C data with those from ECMWF operational analysis data, Schmidt et al. [2005] have shown that the differences in tropopause properties between GPS RO observations and analysis data are typically less than Figure 9 . Same as Figure 6 but for intraseasonal variability. 10 hPa in p t and 3 K in T t in both hemispheres [see Schmidt et al., Figure 10 ].
[45] The bias of NNR p t data is further quantified by using s(p t ) (Figures 11b and 11d) . It is again found that NNR p t data severely underestimate intraseasonal variability of p t (and T t ) in almost all locations except in the NH extratropics during DJF where s(p t ) is slightly overestimated in several regions (Figure 11b ). The underestimate is particularly large in the subtropics and exhibits a maximum over the Tibetan plateau during JJA. Although not shown, strong p t variability over the Tibetan plateau (Figure 7d ) is essentially absent in NNR p t data.
[46] These results suggest that NNR tropopause data have significant and systematic biases, and should be used with great caution in any quantitative studies. The preliminary analyses show that the biases are likely introduced by relative coarse vertical resolution of NNR and lack of observations especially in the SH. The biases might also be partly caused by an inaccurate tropopause detection algorithm used by NNR. By comparing tropopause properties directly available from NNR and those independently computed from modellevel NNR temperature data with more precise algorithm, Birner [2010a] found significant differences between the two in the subtropics [see Birner, 2010a, section 2]. More detailed analyses and investigation of other reanalysis data sets will be presented in a future study.
Summary and Discussion
[47] We have examined the spatiotemporal structure of the global tropopause using state-of-the-art GPS RO measurements from the COSMIC mission [Anthes et al., 2008] . The climatology, seasonal cycle and intraseasonal variability were analyzed for three tropopause properties: lapse-rate tropopause pressure (p t ), temperature (T t ) and sharpness (N t 2 ). The overall results are qualitatively similar to the previous studies which are based on reanalyses [Hoerling et al., 1991; Hoinka, 1998 Hoinka, , 1999 Highwood et al., 2000; Zängl and Hoinka, 2001] , radiosonde [Reid and Gage, 1996; Seidel et al., 2001; Seidel and Randel, 2006] and earlier GPS RO data [Schmidt et al., 2005; Grise et al., 2010] . It is however found that NNR tropopause data, which are directly available from the NNR Web site, have significant and systematic biases, suggesting that they should be used with great caution in quantitative studies. Key findings of COSMIC data analysis are summarized below. Figure 10 . Time evolution of the Arctic tropopause properties taken using a cosine-weighted 3 day average from 60°N to the North Pole. Only January to March are shown for each of the 3 years.
[48] Climatological tropopause properties are largely homogeneous in the zonal direction. Longitudinal variations are found only in the deep tropics and in the NH extratropics during the boreal winter. These are associated with localized deep convection and related UTLS processes (e.g., convectively driven waves) in the tropics, and with stationary waves and storm track activity in the NH. All tropopause properties show a stronger seasonal cycle in the high latitudes than in the tropics, with maximum variability at the poles. In the tropics, p t and T t are generally lowest in December and highest in August. N t 2 simply follows T t , with an out-of-phase relationship. In the extratropics, all tropopause properties have a minimum in the cold season in both hemispheres. This seasonality is largely explained by the Brewer-Dobson circulation, the polar vortex and the radiative processes in the UTLS.
[49] The intraseasonal variability of tropopause properties, one of the novel aspects of this study, shows very rich structure. Both p t and T t show significant variability in the subtropics along the subtropical jet in both hemispheres, the storm track regions in the winter hemisphere, the Tibetan plateau in JJA, and the pole in the winter hemisphere. Their variabilities are, however, minimum and zonally homogeneous in the deep tropics, suggesting that tropical deep convection plays only a minor role there. The intraseasonal variability of N t 2 drastically differs from that of p t and T t : it has maximum values in the tropics, where p t and T t have minimum variability. In the extratropics, N t 2 has significant variability only in the storm track regions with minimum variability in the subtropics.
[50] An important but missing piece of analysis in this study, among others, is interannual variability. With only 3 year long observations used in this study, interannual variability can hardly be examined in quantity. It is however known, from the observations and reanalysis data, that the tropopause properties are significantly modulated by El Niño-Southern Oscillation (ENSO) and stratospheric quasi-biennial oscillation (QBO) in the tropics [e.g., Randel et al., 2000] , by stratospheric ozone concentrations in the SH high latitudes [e.g., Wong and Wang, 2003] , and possibly by SSW events in the NH high latitudes. With longer GPS RO measurements, these can be better quantified. [51] It should be noted that, while this study helps us better characterize the global tropopause, its physical implication is somewhat limited. In this study, tropopause is defined with temperature lapse rate as it can be easily identified over the globe. It is however well known that the dynamic tropopause is more meaningful in the extratropics than the lapse-rate tropopause. Likewise, in the tropics, the cold-point tropopause is physically more meaningful. The detailed characteristics of these other definitions are currently under investigation. The results are to be presented in a future study.
